The presence of high mountains along passive margins is not unusual, as shown by their presence in several regions (Scandinavia, Greenland, East US, SW Africa, Brazil, West India and SE Australia). However, the origin of this topography is not well understood. The mountain range between the Scandinavian passive margin and the Fennoscandian shield is a good example. A simple Airy isostatic model would predict a compensating root beneath the mountains but existing seismic measurements of variations in crustal thickness do not provide evidence of a root of sufficient size to produce the necessary compensation. In order to better constrain the physical properties of the crust in northern Scandinavia, two broad-band seismic networks were deployed between 2007 and 2009 and between 2013 and 2014. A new map of crustal thickness has been produced from P-receiver function analysis of teleseismic data recorded at 31 seismic stations. The map shows an increase in crustal thickness from the Atlantic coast (38.7 ± 1.8 km) to the Gulf of Bothnia (43.5 ± 2.4 km). This gradient in thickness demonstrates that the Moho topography does not mirror the variation in surface topography in this region. Thus, classical Airy isostatic models cannot explain how the surface topography is supported. New maps showing variation in Poisson's ratio and Moho sharpness together with forward and inverse modelling provide new information about the contrasting properties of the Fennoscandian shield and crust reworked by the Caledonian orogeny. A sharp Moho transition (R > 1) and low value of V s (3.5 ± 0.2 km s −1 ) are observed beneath the orogen. The shield is characterized by a gradual transition across the Moho (R < 1) and V s of 3.8 ± 0.1 km s −1 which is more typical of average continental crust. These observations are explained by a Fennoscandian shield underplated with a thick layer of high velocity, high density material. It is proposed that this layer has been removed or reworked beneath the orogen.
I N T RO D U C T I O N
On the largest scale, topography is controlled by lateral and vertical variations in the crustal and lithospheric structure. In most cases, large, long wavelength topographic features are broadly supported by a compensating root. The Scandinavian mountains, which are parallel to a large part of the northeast Atlantic passive margin, are a possible exception to this. Previous studies England & Ebbing 2012) have indicated the possible absence of a compensating root beneath these mountains. This raises the question of how this topography is supported and how it is formed? Possible mechanisms are magmatic underplating at the time the rifted margin was formed; tectonic compression normal to the margin or upwelling of hot mantle to form the topography in the recent past/present day. These alternatives were discussed by Gallagher (2012) but they have not been tested.
The Scandinavian mountain range is composed of rocks most recently deformed by the Caledonian orogeny which separates the Cenozoic passive margin to the west from the Proterozoic Fennoscandian shield to the east. Apatite fission track and stratigraphic studies appear to suggest that the Scandinavian continental margin underwent uplift of more than 1 km during the Neogene (Faleide et al. 2002) . This may have contributed to the formation of the topography but recent seismic studies of the crust (Svenningsen et al. 2007; Olsson et al. 2008; Stratford & Thybo 2011; England & Ebbing 2012; Frassetto & Thybo 2013 ) have failed to identify a correlation between the high topography of the Scandinavian mountains and variations in crustal properties which can be attributed to relatively recent events. Crustal properties and teleseismic receiver functions 387 the topography has different origins in the south and the north of the Scandinavian peninsula. In the south, there is some evidence for support resulting from lateral variations in density in the upper mantle whereas in the north the topography appears to be compensated by lateral variations in density in the upper crust (Olesen et al. 2002) .
The first seismic studies of the crust beneath Norway and Sweden were refraction profiles, FENNOLORA (Sellevoll & Penttilä 1964; Prodehl & Kaminski 1984; Hossain et al. 1989; Guggisberg et al. 1991; Luosto 1997 ) and BLUE Road (Hirschleber et al. 1975; Lund 1979; Avedik et al. 1984) . These studies showed that the crustal thickness varies between 32 km close to the Atlantic coast and 65 km beneath Finland. More recent refraction profiling studies focusing on the western margin of Scandinavia showed that the thickness of the crust beneath the Scandinavian mountains varies between 38 and 42 km (Weinrebe 1981; Stratford et al. 2009 ). In terms of detailed crustal structure and variations in P-wave velocity, the results showed an upper crust 12-16 km thick (6.0 km s −1 ), a thick lower crust with a typical velocity of 6.6 km s −1 and a transitional Moho (3-5 km thick with an average velocity of 7.2 km s −1 ). In addition, a low velocity zone (LVZ) at the base of the upper crust was observed in a number of seismic refraction profiles (Lund 1979; Mykkeltveit 1980; Hossain et al. 1989) .
The results of the refraction studies were complemented in the 2000s and 2010s with P-receiver function analysis of data collected from a series of broad-band passive seismic experiments (Ottemöller & Midzi 2003; Svenningsen et al. 2007; Olsson et al. 2008; England & Ebbing 2012; Frassetto & Thybo 2013 ). Looking at the western Fennoscandian Shield, Ottemöller & Midzi (2003) provided new data on the crustal structure of mainland Norway. They also identified the presence of an LVZ at the base of the upper crust and a crustal thickening from 28 km beneath Lofoten Islands and 46 km inland beneath Mo i Rana with a gradual transition from the upper crust to the upper mantle. Olsson et al. (2008) used data from 52 permanent stations to produce a new Moho depth map beneath Sweden, which showed Moho depths of 44 to 48 km beneath the Gulf of Bothnia and estimated the V p /V s ratio for the crust to be between 1.74 and 1.80 in this area. Focusing on the region of high topography in southern Scandinavia, Svenningsen et al. (2007) found a variation in Moho depth from 29 to 32 km on the Atlantic coast to 41-43 km beneath the high topography. Extending the previous studies in southern Scandinavia and combining different seismic networks, Frassetto & Thybo (2013) also obtained similar results (25-30 km beneath the south eastern Norwegian coast to 35-45 km beneath the mountain range). Across the central Scandinavia peninsular, England & Ebbing (2012) found crustal thickness varied from 32 km beneath the coast to 43 km beneath the mountain belt. All these results show a crustal thickening from west to east with a crustal thickness of 40 to 45 km beneath the mountain range. However, England & Ebbing (2012) also showed that to the east of the mountains, in Sweden, the crust remained at approximately 40 km thick.
The main aim of this study is to image in detail the variation in Moho depth across the northern Scandinavian mountains and Fennoscandian shield using P-receiver function analysis. This study uses data from two temporary broad-band seismic networks (31 stations, blue circles and blue triangles of Fig. 1a ) deployed between (SCANLIPS2) and 2013 and 2014 across the northern Scandinavian mountains and data compiled from previous studies in this region (Ottemöller & Midzi 2003; Olsson et al. 2008; Silvennoinen et al. 2014) . P-receiver functions were computed from multiple teleseismic events recorded at each station and H-k stacking (Zhu & Kanamori 2000) and waveform modelling is used in order to extract 2-D crustal models beneath each station. These results are compared with previous models for crustal thickness beneath the region (Luosto et al. 1984; Grad & Luosto 1987; Luosto et al. 1989 Luosto et al. , 1990 Luosto 1997; Grad et al. 2009 ). This study results in a new Poisson's ratio map and a Moho map which is an improvement on the large scale, reference models of the European crust produced by Kelly et al. (2007) , EuCRUST-07 of Tesauro et al. (2008) and EUNASeis of .
Geological setting
The crust in the region of these seismic experiments (Fig. 1b) can be divided into two geological domains (Koistinen et al. 2001; Gaál & Gorbatschev 1987) . The Caledonian domain across Norway is the result of the last orogenic episode in the North Atlantic region caused by the closing of the Iapetus ocean and the collision between Baltica-Avalonia and Laurentia (Gee et al. 1982) . The collision generated a stack of four major allochthonous nappes (Roberts & Gee 1985) with a vergence toward the west. These nappes are composed of late Proterozoic and lower Palaeozoic continental margin rocks and basement metamorphosed to granulite and amphibolite grade (Stephens & Gee 1985 , 1989 Grenne et al. 1999; Barnes et al. 2007; Roberts et al. 2007; Hollocher et al. 2012) . In the regions discussed in this paper, the nappes were thrust onto the Norrbotten craton in northern Sweden. This craton lies between the Karelian craton of Archaen age (3.2-2.5 Ga) and the Central Svecofennian subprovince formed from a collage of microcontinents and island arcs between 1.85 and 1.66 Ga (Lahtinen 1994; Nironen 1997; Korsman et al. 1999; Korja et al. 2006) . A large body of predominantly tonalitic composition at the surface, with a Palaeoproterozoic age of c. 1.8 Ga, the Trans-Scandinavian Igneous Belt (TIB), is also present and identified within the NW-SE trending Svecofennian Province and in several places across the Caledonian domain (Fig. 1b) . The origin of the TIB has been debated (Andersson 1997; Åhäll & Larson 2000; Högdahl et al. 2004) . Nevertheless, the TIB is suggested to extend north and westwards beneath the mountain range, where it explains the observed gravity and magnetic anomalies (Olesen et al. 2010 and references therein).
DATA A N D M E T H O D O L O G Y

SCANLIPS2 and SCANLIPS3D experiments
The SCANLIPS2 (SCANdinavian Lithosphere P and S) and SCAN-LIPS3D experiments were designed to study the crust beneath the northern and central Scandinavian mountains using arrays of passive seismic instruments recording continuously for up to 18 months. The SCANLIPS2 array was deployed between the end of June 2007 and mid-September 2009 in northern Norway and Sweden (Fig. 1a) . The array consisted of a 450 km long profile with instrument spacing between 30 and 50 km crossing the FENNOLORA refraction profiles (Guggisberg et al. 1991) in Sweden. The instruments deployed were 60 and 120 s period broad-band sensors with a sampling rate of 50 or 100 Hz. The SCANLIPS3D array, consisting of 20 instruments, was deployed south of the SCANLIPS2 profile between the end of June 2013 and mid-September 2014 (Fig. 1a) . The instruments were 60 s period broad-band sensors with a sampling rate of 50 or 100 Hz. The BLUE NORMA refraction profile (Lund 1979) crosses the southern part of the network. Seismograms from teleseismic events with a broad range of azimuths and distances were recorded by both arrays.
Teleseismic events with body wave magnitudes greater than 5.8 at epicentral distances between 30
• and 100
• were extracted from the data and P-receiver functions were calculated from them ( Fig. 2) using the method of Ammon et al. (1990) . 
Computation of P-receiver functions
Since the 1970s, a number of workers (Vinnik 1977; Langston 1979; Ammon et al. 1990; Cassidy 1992; Levin & Park 1997; Bostock 2004) developed the P-receiver function technique for imaging seismic discontinuities beneath seismic stations using the converted phases generated at interfaces. This technique is now widely used in seismological studies of the crust and upper mantle. In this study, ZRT (vertical, radial and transverse) receiver functions were calculated using the frequency domain method with a water level deconvolution (Ammon 1991; Clayton & Wiggins 1976; Langston 1979) . The deconvolution removes source and propagation path affects from receiver effects after rotating the three-component waveforms to the backazimuth of the source path. This results in radial (E R ) and transverse (E T ) receiver functions. The water level is adjusted to the minimum value necessary to stabilize the deconvolution. In this study, a mean value of 10 −2 was selected, which reflects the relatively low signal-to-noise levels in much of the data. A Gaussian filter of width 2.0 was chosen which corresponds to a centre frequency of 1 Hz. The resulting receiver functions were sorted according to backazimuth and distance (Fig. 2) . Transverse receiver functions were used to identify noisy functions and the possibility of complex dipping structure beneath the station. Receiver functions with anomalous signals and amplitudes were discarded.
H-k stacking analysis
The arrival time of the Ps conversion relative to the direct P-wave and the arrival times of intracrustal multiples are a function of the ratio of V p to V s (k) and the depth of the Moho (H). H and k can be estimated using the H-k stacking technique which reduces the ambiguity in velocity ratio and depth to Moho by summing a weighted combination of Ps, PpS and PpSs and PsPs amplitudes along phase moveout curves calculated assuming a single layer over a half-space model for the crust for a range of H and k values (Zandt & Ammon 1995; Zhu & Kanamori 2000; Niu & James 2002) . The peaks in the summation correspond to the most appropriate H and k values beneath the station (Fig. 3) . A range of H values between 35 and 55 km were searched and k values between 1.65 and 2.0 were chosen on the basis of the available existing geological and geophysical data for the region from previous studies. The procedure used also requires initial V p values and weightings of the Ps and multiple phases in the analysis. In this study, an average P-wave velocity between shots F and G along the FENNOLORA profile was used for the initial V p value (V p = 6.55 ± 0.1 km s −1 ). Weightings of (6:3:1) for the Ps, PpS and PpSs and PsPS events were used in fitting the observed arrivals to those modelled for particular velocity models to ensure that poorly defined multiples did not unduly bias the results of the stacking g (Zhu & Kanamori 2000) .
From the H-k stacking results, it is also possible to obtain an indication of average crustal composition from an estimation of Poisson's ratio calculated from the best fit estimate of V p /V s (Chevrot & van der Hilst 2000) . Poisson's ratio typically varies between 0.20 and 0.35 and is sensitive to the presence of fluids and the crustal mineralogy (mafic versus felsic). For example, a high Poisson's ratio (σ > 0.3) can be interpreted as the presence of fluid (Watanabe 1993) , low silica content (Musacchio et al. 1997) or anisotropy effects (Hughes et al. 1993; Wang et al. 2012) . Variation in both Poisson's ratio and crustal thickness can be associated with geological features. For example, in Australia the Proterozoic crust generally shows higher values of Poisson's ratio and crustal thickness than the Phanerozoic crust (Chevrot & van der Hilst 2000) .
Where stacks of receiver functions did not exhibit clear multiples the uncertainties in the results of H-k stacking are greater. Where this occurred, the crustal thickness was estimated by increasing the weighting of the Ps-delay time relative to the multiples and V p /V s ratios were assumed to be similar to adjacent seismic stations. Precision in determining the estimate of Moho depth depends on the correct estimation of the arrival time of the Ps conversion and the first multiple (PpS). Generally, uncertainties in the Moho depth are of the order of 2 to 3 km (Fig. 3) where there is a sharp transition between the lower crust and upper mantle. Larger uncertainties are seen where a transitional Moho is suspected.
Moho sharpness
An analysis of the amplitude of the converted phases in receiver functions can provide information on the contrast in the change in velocity between the lower crust and the upper mantle. The sharpness of the Moho beneath a station can be quantified as the ratio of the amplitude of the Ps phase to the amplitude of the direct P-wave arrival on the SV component of the seismogram (Owens et al. 1984) . Primarily, the amplitude of the Ps phase depends on the contrast in P-wave to S-wave velocity across the Moho which determines how much energy is transmitted as a converted S-wave. A small contrast in velocity will result in a low amplitude S-wave and a low Ps/P amplitude ratio. A large contrast in velocity will result in a high amplitude S-wave and hence a high Ps/P amplitude ratio. The amplitude of the Ps phase can also be affected by the incidence angle of the teleseismic event at the base of the crust. When the angle is large, the amplitude of the Ps conversion is also large. However, its effect can be overcome by taking an average value of the Ps/P ratio for each station which will be associated with an average incident angle. Youssof et al. (2013) calculated P-receiver in the ray-based coordinate system (LQT) and suggested using a regional average for the Ps amplitude for the whole array as a reference value. This approach allows for identification of small scale variations in velocity structure suggested by local variability in amplitude ratios. Here, we use a similar approach but use ZRT receiver functions and Moho sharpness is computed beneath each station by normalizing the Ps/P ratio for each P-receiver function by the average value of the Ps/P ratio for the whole array across the northern Scandinavian mountains and the Fennoscandian shield.
Moho sharpness >1 suggests that the reference value is smaller than the ratio of Ps/P and hence the velocity contrast is large and the Moho transition is sharp. A Moho sharpness of R < 1 suggests a weak velocity contrast and a gradual transition.
Here, this approach is used to quantify the Moho sharpness (R) across the northern Scandinavian mountains and the Fennoscandian shield. The SCANLIPS2 and SCANLIPS3D experiments recorded teleseismic waves with a large range of slowness values which provide a reliable estimation of Moho sharpness in this region.
Waveform and shear wave modelling
Forward modelling provides an initial guide to the velocity structure to be used in an inversion. It can also be used to test a variety of velocity models to determine how closely synthetic waveforms generated from these models approximate the observations. Several initial models were tested to provide an initial estimate of V p , V s and depth based on the FENNOLORA profile for each station in the SCANLIPS2 array and the SCANLIPS3D network. Synthetic three-component waveforms for each station were calculated from the initial models using the respknt code written by Randall (1994) . These were processed in the same way as the real data for each velocity model to produce synthetic receiver functions. The synthetic receiver functions were then compared with the observations. Greater emphasis was placed on obtaining a good match between peaks and troughs (Ps and the multiples) than attempting to compare amplitudes. Modification of the velocity model was necessary to optimize the fit between the synthetic and observed receiver functions. This provided an estimate of possible values for the Moho depth, velocity structure and the most appropriate V p /V s ratio. Successful modelling of the amplitudes of the observed arrivals requires a broader investigation of the range of possible variations in V p /V s ratio and velocity structure beneath each instrument than can be undertaken through forward modelling and this is best achieved by inverse modelling.
Inverse modelling of receiver functions involves converting arrival times and amplitudes of phase conversions/multiples in a timeseries into a shear wave velocity model in depth. The inversion is complicated by the nonlinear relationship between the data and the model parameters. The traveltime of an individual Ps conversion is dependent on the depth of the interface and on the S-wave velocity above the interface (Ammon et al. 1990 ). The inversion seeks to minimize the difference between the observed and model generated receiver functions. Layer thicknesses, which are held constant within the inversion scheme, are initially based on the results of forward modelling. Increasing the number of layers and decreasing their thickness (to an estimated minimum resolvable thickness of c. 2 km) can be used to attempt to characterize the velocity gradients within the crust. The initial V p /V s ratio is based on the H-k stacking results and constrains the average value for the whole crust.
R E S U LT S
P-receiver functions
This study uses 235 P-receiver functions from events recorded between 2007 and 2009 and 415 events recorded between 2013 and 2014.
Supporting Information Table S1 summarizes key information for each seismic station (latitude, longitude, elevation, sensor type) together with the number of P-receiver functions for each station used in this study. Eighty percent of the events used originated from the Pacific rim but others recorded from the Atlantic, Mediterranean, Africa and the Indian Ocean have been used. The stations have been classified as poor, medium and good based on the number of teleseismic events yielding usable receiver functions recorded in four geographic quadrants. A station is good if there are one or more usable receiver functions from each quadrant; medium if receiver functions are available from three quadrants. Otherwise the station is classed as poor. Eleven stations are classed as good, fifteen as medium and five as poor.
For each station, the receiver functions were sorted by backazimuth and stacked into 5
• bins. Stacking enhanced the clarity of the Ps conversion (Moho conversion) at 5 ± 1 s and the crustal multiples (PpS and PsPs).
For example, station 7001 shows relatively consistent Ps and PpS arrivals across a range of backazimuths (Fig. 2) . Furthermore, the stacked radial receiver function, for this station, shows a good signal-to-noise ratio. Unfortunately, most of the receiver functions show low amplitude crustal multiples and stacking does not significantly improve the signal-to-noise ratio. For example, station 1307, classified as poor, shows a low amplitude Ps conversion but has a relatively clear PpS multiple in the individual and stacked radial functions (Fig. 2) . This could be explained by a low velocity contrast between the upper mantle and the lower crust (Niu & James 2002; Thurner et al. 2015) and/or a dipping Moho (Cassidy 1992; Savage 1998; Lombardi et al. 2008) .
Along the SCANLIPS2 array, the delay between the Ps conversion and the direct P-wave arrival increases from station 7001 on the Atlantic coast (4.9 s) to station 7027 (5.3 s) on the coast of the Gulf of Bothnia. However, the suggestion of a gradual increase in delay time is misleading. There are considerable variations in delay time along the length of the profile (Fig. 4) . The maximum delay time appears to be 6.6 s, for events arriving beneath station 7017 located on the Norbotten craton close to the intersection with shots F and G of the FENNOLORA experiment (Fig. 1) . The Ps delay times recorded on stations of the SCANLIPS3D array in the south, within the region affected by Caledonian orogenic events which are typically greater (6.0 ± 0.5 s) than those recorded in the north along the SCANLIPS2 array which are comparable to the delays recorded at stations deployed on the shield. However, a compilation of Ps-P delay times recorded at stations in both deployments confirms an overall increase in delay times from the Atlantic coast to the Gulf of Bothnia.
Moho depth and Poisson's ratio
To reduce the ambiguity between depth and velocity, the H-k stacking technique (Zhu 2000) was used on data from each station. The technique is sensitive to shear wave velocity, so P-wave velocity in the crust is held constant and variations in velocity described in terms of the V p /V s ratio. Knowledge of the P-wave velocity in this region is limited to the results of the FENNOLORA experiment across the Fennoscandian shield (Prodehl & Kaminski 1984; Guggisberg et al. 1991; Luosto 1997) . This experiment modelled the crust as a two-layer structure and constrained the average P-wave velocity in the upper crust to 6.1 ± 0.1 km s −1 and to 6.9 ± 0.2 km s −1 in the lower crust in the area where it crosses the SCANLIPS2 array (between shots F and G of the FENNOLORA profile). Using these data, a weighted average P-wave velocity for the crust of 6.55 ± 0.1 km s −1 was calculated but in order to consider the uncertainty in the choice of P-wave velocity three values (6.45, 6.55 and 6.65 km s −1 ) were tested. Supporting Information Table S2 summarizes the results of H-k stacking for each station (thickness and V p /V s ratio) using a V p value of 6.55 km s −1 , which gave the most stable results.
Results of H-k stacking in Fig. 3 show a complex (Figs 3a and e) . However, beneath some stations such as stations 7023 and 7025 Figs 3(b) and (c) show a second peak located at the top of the normalized area (in blue rectangle in Fig. 3 ). These unrealistic values of H (> 50 km) and V p /V s (<1.70) suggest complex crustal structure beneath the station which affects the energy of the arrivals in the receiver function.
Four stations from seven of those deployed on the Fennoscandian shield during the SCANLIPS2 experiment do not show a clear crustal multiple (PpS conversion) after stacking of individual receiver functions with obvious PpS conversions. Consequently, the Moho depth is poorly constrained for these stations. However, a comparison with values of Moho depth at nearby stations (SAL, DUN, ERT) from previous receiver function studies (Olsson et al. 2008) (Fig. 5) .
The H-k stacking method also provides constraints on the mean Poisson's ratio of the crust, based on the calculated V p /V s ratio. The results yield values in the range 0.27-0.32 along the SCANLIPS2 array and a range of 0.26-0.34 in the SCANLIPS3D network. These values are high relative to the average value of 0.25 for continental crust cited by Zandt & Ammon (1995) . Fig. 6 shows the Poisson's ratio for all the instruments plotted against distance from the Atlantic coast (which is also parallel to the edge of the Caledonian orogen). This plot shows that the mean values of Poisson's ratio for the Caledonian domain (σ = 0.29 ± 0.02) and for the Fennoscandian Shield (σ = 0.28 ± 0.02) are very similar. A plot of V p /V s ratio against Moho depth shows no correlation between these two variables (R 2 = 0.01) (Fig. 6 ). In addition, estimates of Moho depth, mean V p /V s ratio and Poisson's ratio from previous studies were compiled to plot a series of maps showing the variation of these properties across the region (Fig. 7 and Supporting Information Table S2). The new data fill significant gaps in existing maps (Luosto 1997; Grad et al. 2009 ) providing better constraints on the properties and thickness of the crust in northern-central Norway and northern Sweden.
The map of Moho depth suggests that there is considerable variation in the thickness of the crust beneath both the Caledonian domain and the Fennoscandian shield. The new data also show that the crust is relatively thick along parts of the Atlantic coast. The compilation of Moho depth estimated from the controlled source Poisson's ratio. Indicated in the green dashed line is the Caledonian thrust between the Fennoscandian shield and the Caledonian domain and in the grey dashed line the limit between Archean crust and Proterozoic crust. Both maps created using gridding with continuous curvature splines with a tension factor T = 0.4 from the compilation of data of the SCANLIPS2 experiment, the SCANLIPS3D experiment, the LAPNET-POLENET experiment (Silvennoinen et al. 2014 ) and the Swedish National Seismic Network (Olsson et al. 2008). experiment (H = 45 km, yellow star on Fig. 5 ) and values estimated from P-receiver function analysis along the SCANLIPS2 array shows a deeper crust (5-6 km) in the shield, west of the intersection between the FENNOLORA profile (yellow star on Fig. 5 ) and the SCANLIPS2 (stations N7017 and N7018).
The Poisson's ratio map on Fig. 7(b) shows high values of Poisson's ratio (σ = 0.28-0.33) on the Atlantic coast and a region with relatively lower values (σ = 0.25-0.30) beneath the mountain range in the northern part of SCANLIPS3D array and higher values (σ = 0.30-0.32) in the southern part. Across the shield area,there are two trends. Low values (σ = 0.25-0.27) are recorded beneath the eastern part of the SCANLIPS3D network and higher values are seen to the north beneath the SCANLIPS2 array. These variations will be discussed below.
Moho sharpness
To calculate the Moho sharpness (R) for each station, a Ps/P amplitude ratio was calculated and then an average value (R mean = 0.275) combining stations from SCANLIPS2 and SCANLIPS3D experiment was determined and used as reference value for the study area. A normalized value of Moho sharpness greater than 1 is interpreted as indicating a relatively strong velocity contrast between the upper mantle and the lower crust and a normalized value of less than 1 is interpreted as a relatively weak velocity contrast and a gradational transition between the crust and upper mantle. Supporting Information Table S2 summarizes 1.06) all values are less than 1, with no linear trend from west to east (Fig. 8) .
By interpolating available values for relative Moho sharpness, a 2-D Moho sharpness map in this region has been produced (Fig. 8) . This map indicates that, generally, beneath the Caledonian domain the transition between the lower crust and the upper mantle is relatively sharp (Relative R < 1) and it is more gradational beneath the Fennoscandian shield (Relative R < 1).
Waveform and shear wave modelling
In the preceding sections, H-k stacking and determination of relative Moho sharpness have been used to determine the first-order properties of the crust beneath each station. In order to better constrain the variation in velocity with depth beneath each station, forward and inverse modelling of the P-receiver functions was undertaken. This also addresses two aspects of the crustal properties identified by previous studies in the region. First, Mykkeltveit (1980) , Hossain et al. (1989) and Ottemöller & Midzi (2003) suggested the presence of a low velocity layer at the base of the upper crust. Second, the presence of magmatic underplating (of undetermined age) has been suggested by previous studies across the southern part of the Scandinavian peninsular (Thybo 2001; Stratford & Thybo 2011; England & Ebbing 2012) .
Three crustal velocity models derived from previous studies in Scandinavia were tested as starting models for determining crustal velocity structure. Model 1 (black curve in Fig. 9a ) is derived from the FENNOLORA experiment. This model has three layers with a sharp transition between the crust and the upper mantle. Model 2 is based on the studies of (Mykkeltveit 1980; Hossain et al. 1989; Ottemöller & Midzi 2003) and has an LVZ at the base of the upper crust. Finally, model 3 is similar to model 2 but with a gradational transition from the low velocity layer to the thin high velocity layer at the base of the crust (blue curve in Fig. 9a ). Synthetic seismograms for these models were generated using the respknt code of Randall, based on the reflection matrix method developed by Kennett (1983) . These seismograms were then used to calculate synthetic receiver functions using the frequency domain method of Ammon et al. (1990) as described above. Fig. 9 shows a comparison of the synthetic receiver functions calculated from each model against examples of real receiver functions. There is a broad match between the amplitude of the direct P wave and the Ps conversion. This suggests the models for the velocity of the crust and the velocity contrast between the lower crust and upper mantle are a reasonable approximation to the actual crustal structure. However, an upper crustal conversion between the direct P-wave and the Ps conversion is not observed beneath every station in the data. For example, station 7001 located close to the Atlantic coast does not show this feature. Station 7023 on the shield shows an upper crust conversion at c. 2 s after the direct P-wave arrival associated with an increase in velocity with depth. The data do not match the synthetic seismograms derived from the model containing an LVZ suggesting that velocity increases with depth beneath all the stations (Fig. 9) .
To explore a larger range of models of varying crustal velocity with depth that are consistent with the observations, inverse modelling of P-receiver functions was conducted following the approach of Moorkamp et al. (2010) . This method was previously applied to data from the Slave and Kaapvaal Cratons and uses the multiobjective genetic algorithm (GA) NGSA II of Deb et al. (2002) . The parametrization of the model involves specifying the minimum value (thickness, shear velocity) for each layer, the size of discretization of each layer and the number of bits needed for encoding the thickness and the shear wave velocity. The GA runs with a population size of 1000 for 500 iterations to ensure that a new generation of models is produced according to the criteria of dominance in nature by using the concept of Pareto optimality (Corne & Knowles 2007 ). The optimum model selected for each iteration corresponds to the minimum rms misfit and minimum smoothness obtained from L-curve analysis (Hansen 1992) .
Comparisons between real and synthetic P-receiver functions for each station do not show a change in polarity at between 1 and 3 s after the direct P-wave, when the arrival of a conversion associated with the presence of an LVZ at the base of the upper crust is expected. For example, station 7023, located on the Fennoscandian shield, does show a conversion from an upper crustal layer but this is associated with increasing velocity with depth rather than a decrease (Fig. 9) . Consequently, it is concluded from the results of the inverse modelling of the receiver functions that the low velocity layer identified in previous studies (Mykkeltveit 1980; Hossain et al. 1989; Ottemöller & Midzi 2003) is not required in our models to explain our observations.
The contrast in velocity across the Moho (or Moho sharpness) was also investigated using the results of the inverse modelling. As noted above (Section 3.3), there is a contrast in Moho sharpness between the Caledonian domain and the shield area. In previous work (Thybo 2001; Stratford & Thybo 2011; England & Ebbing 2012 ) across the Fennoscandian shield, the transition between the lower crust and the upper mantle is interpreted as being composed of a 3-6 km thick high velocity (V p > 7.0 km s −1 ) layer. Fig. 10 shows a range of inverse models (velocity versus depth) from different stations plotted according to whether they were deployed on the shield or the Caledonides. Comparatively few stations beneath the Caledonian domain have optimum velocity depth models containing a thick high velocity layer at the base of the crust. This is in contrast to the stations deployed on the shield. These results are consistent with the results of the study of Moho sharpness which suggested that there is a small contrast in velocities above and below the Moho beneath the shield (relative R < 1) and a strong contrast in velocity across the Moho beneath the Caledonian domain. They are also consistent with maps of the velocity structure for Scandinavia (e.g. Laske et al. 2013 and Tesauro et al. 2008 ) but these maps are based on relatively limited amounts of data.
I N T E R P R E TAT I O N A N D D I S C U S S I O N
This regional study of the crust, using two arrays across northern Norway and Sweden, provides new information about its presentday properties (thickness, Moho sharpness and shear wave velocity). The region consists of the Fennoscandian shield and the Caledonian orogenic domain, which is composed of tectonically reworked shield and deformed late Proterozoic and lower Palaeozoic continental margin rocks.
From the H-k stacking results, the shield shows an average crustal thickness of 45 km (range 41-49 km). This value is at the upper end of the global average thickness of 41.5 (± 5.9) km beneath all Precambrian shield areas, as determined by Christensen & Mooney (1995) . Abbott et al. (2013) presented a detailed study of the Moho characteristics beneath Archean crust of different stabilization ages. In the area studied here, the Fennoscandian shield is thought to have a stabilization age of 2.5 to 2.6 Ga (Gorbatschev & Bogdanova 1993; Mikkola et al. 2011; Mänttäri & Hölttä 2002) . However, the mixture of crustal units across the shield, an absence of sedimentary rocks and later Proterozoic tectonothermal reworking along the southern edge of the shield make estimating the actual stabilization age difficult. In comparison with shield areas showing the same or similar stabilization age, the results from the two arrays indicate that the shield displays unusually thick crust, as previously suggested by Olsson et al. (2008) for Sweden and Kozlovskaya et al. (2008) for Finland. In comparison, the Yangtze craton in south China and the North China craton show very wide ranges of crustal thicknesses (32-48 km), while the Slave craton in North America, the Sao Francisco craton in South America and the Aravali-Bundellkhand craton in India have generally thinner crust (36-43 km) (Abbott et al. 2013 and references therein). The Caledonian domain shows an average crustal thickness of 42 km and a range of 39-44 km. These values indicate the crust is slightly thinner than beneath the Fennoscandian shield, despite it having been thickened as a result of contractional deformation during the Caledonian orogeny. This can be reconciled either by the amount of thickening of the crust not reversing the extension and thinning to form the continental margin from which the orogen has been built or thinning by post-orogenic extensional collapse.
From modelling of P-receiver functions, the average V s velocity for the crust across the shield (V s = 3.8 ± 0.1 km s −1 ) is consistent with the average value of continental crust of 3.7 km s −1 (Christensen & Mooney 1995) and the value of Hyvönen et al. (2007) and Kozlovskaya et al. (2008) in Finland beneath the central Fennoscandian shield (V s = 3.6-4.2 km s −1 ). The inverse modelling of velocity structure and the H-k stacking suggests the presence of a high velocity layer at the base of the lower crust beneath the shield (Fig. 10) . The results of the study of Moho sharpness show that the values for the shield are low, which is consistent with the observed velocity structure, in which the high velocity lower crust shows a Laske et al. 2013) and EuCRUST07 (green line, Tesauro et al. 2008). small contrast in velocity with the underlying upper lithospheric mantle immediately below the Moho.
The low value of Moho sharpness beneath the shield is largely the result of the presence of a high velocity layer at the base of the crust. The presence of this high velocity lower crustal layer beneath the shield and the transition to higher values of Moho sharpness between the Shield and the orogen could be explained by a number of simple models. First, the high velocity layer at the base of the crust formed only beneath the shield. Second, the high velocity layer originally extended beneath the whole of the region and has been selectively removed from beneath the orogen. Third, the high velocity layer could be an artefact of the approach taken in analysing the data. However, England & Ebbing (2012) found a similar high velocity lower crustal layer beneath the Shield but not beneath the orogen in a profile crossing central Norway and Sweden, suggesting that the observations made in this study are consistent with previous work and that it is unlikely that the observations are an artefact of the data analysis. Beneath southern Scandinavia, Stratford & Thybo (2011) and Kolstrup & Maupin (2013) describe the presence of a thick layer of high velocity material at the base of the shield which thins west of the Oslo graben and beneath the Caledonian orogenic belt. The observations of the transition in R values is also relatively consistent in the data presented here, which suggests that the observation is not an artefact. The most common interpretation of these lower crustal high velocity layers is that they are formed by magmatic underplating, or that they are eclogite (Kukkonen et al. 2008) . In this case, the V p /V s ratio observed beneath seismic networks are higher than expected for the presence of eclogite (V p /V s 1.77-1.78, Thompson et al. 2010 and reference therein) . The absence of a high velocity layer at the base of the crust could be the result of delamination of an eclogitized lower crust beneath the orogen (Austrheim et al. 1997) .
Before the Caledonian deformation took place, the shield area must have undergone significant exhumation such that its surface exposed moderate to high grade metamorphic rocks. A considerable amount of erosion is required over a large area to expose moderate to high grade metamorphic rocks at the surface and this cannot be achieved only by erosion of an orogenic belt (Platt 1993) . Therefore, the most likely cause of this erosion is uplift due to magmatic underplating, which is consistent with the presence of the high velocity layer at the base of the crust. If the exhumation of the shield was caused by underplating at least part of the underplating predates the Caledonian deformation because Caledonian nappes rest directly on the exhumed moderate to high grade metamorphic rocks. This would mean the underplating/high velocity layer originally extended beneath at least parts of the orogen and that it was subsequently removed by delamination or reworked into the middle and lower crust during deformation of the edge of the shield associated with the Caledonian orogenic event. The remaining possibility, that the high velocity layer was formed only beneath the shield, is considered unlikely given that previous studies along the length of the orogen have consistently noted that the high velocity layer is found only to the east of a line corresponding to the strike of the orogen. There is no process which could easily explain this relationship.
Similar relationships between shields and adjacent orogens have been observed elsewhere, suggesting that the process of modification of the crust postulated here is a common feature of crustal evolution. In South America, the Sao Francisco craton (38-43 km thick) is surrounded by thinner ancient orogenic belts (Brazilia and Ribiera, 34-42 km thick) and in China, the Yangtze craton (31-46 km thick) has a common margin with the thinner (30-45 km thick) Qinling-Dabie-Sulu orogenic belt (Assumpçao et al. 2002; França & Assumpção 2004; Chen et al. 2010; Gao et al. 1998; Xu et al. 2013 respectively) . The crustal velocity structure of these orogenic belts is also similar to the Scandinavian Caledonides. Neither shows a high velocity lower crustal layer at the base of the crust in contrast to the adjacent shield/craton. These observations are consistent with a sharp Moho transition beneath the orogenic belts and a gradational transition beneath the shield.
This study and previous receiver function studies (Svenningsen et al. 2007; England & Ebbing 2012) show broadly consistent values of crustal thickness along the length of the Scandinavian mountains from north to south. Several seismic studies (Wawerzinek 2012; Frassetto & Thybo 2013; Maupin et al. 2013; Hejrani et al. 2017) have showed different properties of the lithosphere beneath the northern mountains and the southern mountains. From south to north, the lithosphere thickens, and has a decreasing V p /V s ratio suggesting increasing depletion. The consistency in crustal structure and variability in mantle structure were also noted by who modelled the variation in the gravity anomaly across Scandinavia. They demonstrated that the northern mountains are supported by the distribution of mass in the upper crust and the southern mountains are supported by low density (depleted) lithospheric upper mantle.
This suggests that the mechanism of support for the southern and northern Scandinavian mountains is different. The new observations presented here provide an opportunity to test the hypothesis of that the northern Scandinavian mountains are supported by lateral variations in mass distribution in the upper crust. To do this, three simple isostatic models have been constructed along a profile corresponding to the SCANLIPS2 profile and a profile parallel to the Atlantic coast. Assuming that the Caledonian orogen is predominantly reworked shield with relatively thin overlying nappes, average velocity values for the crust were converted to density using the relationship of Krasovsky (1981) for shields.
The resulting average density values for the crust are used in high density and low density end member models to test the isostatic support for the mountains provided by the crust. The results of this modelling is shown in Fig. 11 . The high and low density end member models are effectively simple 1-D models of Airy isostatic support and do not take into account flexural rigidity. However, the 398 W.B. Mansour et al. mountains form a topographic load that has a length greater than 1000 km and a width of 500 km which is unlikely to be substantially supported by rigid shield crust. The small differences in depth to isostatic Moho between the high and low density models and the large uncertainty in the seismic Moho depth prevent critical testing of other models of support. The low density topography model is in effect a Pratt type model of isostatic compensation with lateral variations in crustal density being accommodated in the uppermost crust.
For each model, the Moho depth required to provide isostatic support for the mountains is shown and the Moho depths derived from the H-k stacking results along each profile is plotted for comparison. The Moho depth in the high and low density end member models is not significantly different (c. <2 km). The low density topography model requires a substantially thicker crust to provide sufficient support for the mountains. The uncertainties in the estimation of the Moho depth derived from H-k stacking prevent definitive conclusions to be drawn as to whether variations in crustal thickness support the mountains. However, the relationship between the calculated isostatic Moho depth and the Moho depths estimated from the seismic data is broadly consistent along both profiles with the high and low density models being closer to the seismic Moho than the low density topography model. This suggests that while variations in crustal thickness support the topography to a first order, the hypothesis of is supported by our data and lateral variations in near surface crustal density structure are responsible for supporting the mountains.
C O N C L U S I O N
P-receiver function analysis from two seismic broad-band experiments (SCANLIPS2 and SCANLIPS3D) provides new information about the differences in crustal properties between the northern Scandinavian mountains and the Fennoscandian Shield. Using H-k stacking and interpolating the results, new maps of Moho depth and of Poisson's ratio have been produced for this region. The new results are in good agreement with previous studies and provide improved constraints where data were previously extrapolated from seismic refraction profiles. The main findings of this study are summarized in the following points:
(i) The crustal thickness varies between values of around 38 km close to the Atlantic coast to 48-49 km beneath the Fennoscandian shield.
(i) The contrast in velocity structure across the Moho (Moho sharpness) provides the clearest definition of the Caledonian orogen and the Fennoscandian shield domains, with the orogen being characterized by a sharp transition and the shield by a gradational transition.
(i) The gradient at the base of the shield is caused by the presence of a high velocity layer, most likely magmatic underplate. This layer is largely absent from beneath the orogen and was probably removed during orogenic reworking or during post-orogenic collapse.
(i) The contrast in physical properties of the crust at the transition from shield to orogenic belt is also observed in other regions, notably, Brazil and China, suggesting a common process is operating to rework the margins of shields involved in orogenic collisions.
(i) A simple 1-D isostatic model cannot fully explain how the topography is supported across this region and lateral variations in crustal density structure must play a significant role.
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